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Seismicity migration
including two Mw=6.5 events, occurred in June 2000 in an atypical transform
zone located in the southwest of Iceland. The inter-, co-, and post-seismic time intervals of the associated
deformation cycle have been well recorded by previous geodetic studies, including GPS and InSAR. Using a
numerical code based on a finite-element method, we analyze the influence of structural and rheologic
heterogeneities on the earthquake deformation cycle within the south Iceland seismic zone (SISZ). The co-
seismic deformation is especially sensitive to the increase of lithospheric stiffness with depth, as shown by a
joint inversion of the geodetic data. The estimated distribution of co-seismic slip for the June 21 mainshock is
deeper when estimated in a realistic layered lithospheric model than in a homogenous half-space. The
geometry of the rheologic layers also plays an important role during the post-seismic interval, when several
inter-related processes (poro-elastic effects around the fault plane, afterslip in it, and/or visco-elastic
relaxation in the lower crust and/or upper mantle) appear to occur on overlapping time and length scales. We
also consider the seismicity, both in its contribution to stress transfer and in its tendency to migrate from east
to west. At least six processes may be involved in changing the stress distribution: (1) propagation of seismic
waves, (2) changes of static stress caused by major co-seismic slip, (3) cascading seismicity, (4) fluctuations in
hydrological conditions, (5) ductile flow of subcrustal rocks, and (6) inter-seismic strain accumulation. All six
of these phenomena occurred in the SISZ before, during and after the June 2000 earthquake sequence. By
using three-dimensional finite-element models with realistic geometric and rheologic configurations to
match the observations, we test the influence of the increase of rigidity with depth and the variable crustal
thickness on processes (2), (3), (5) and (6). Inter-seismic strain (6) accumulating in an elastic upper crust that
thickens eastward can produce an asymmetric stress distribution. This process may explain the tendency of
subsequent earthquakes to migrate from east to west across the south Iceland seismic zone within a single
sequence. Yet it cannot explain their timing or the location of the first event. Our modeling with realistic
geometric and rheologic configurations suggests that the June 17 earthquake triggered the June 21 event by a
combination of several time-dependent post-seismic processes.

© 2008 Elsevier B.V. All rights reserved.
1. Introduction

The south Iceland seismic zone (SISZ) is located on the boundary
between the North America and Eurasia plates and it partly accom-
modates their relative motion as earthquakes. The plate boundary
follows the spreading mid-Atlantic ridge, comes ashore on the
Reykjanes peninsula (RP), where it becomes a shear zone to reach
the western volcanic zone (WVZ) at a triple point near the Hengill
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volcanic center (Fig. 1). There, most of the present-day deformation
continues across the SISZ to the eastern volcanic zone. Overall, the
SISZ accommodates left-lateral shear along its east-to-west trend, but
most of the large (M~6) earthquakes there rupture with right-lateral
strike slip on vertical faults striking north. These parallel faults are 10–
20 km long and ~5 km apart, analogous to books on a shelf (Einarsson
et al., 1981). Indeed, the SISZ deforms as a shear zone, accommodating
18.9±0.5 mm/yr of relative plate motion (DeMets et al., 1990, 1994) in
a band less than 20 kmwide (Sigmundsson et al., 1995). Consequently,
the inter-seismic strain rate is ~10−6 per year. The kinematics can be
described as a locked fault zone slipping at a rate of 19 mm/yr below
~16 km depth (Árnadóttir et al., 2006). If accumulated elastically over
a century, this strain could be released as ~2 m of co-seismic slip.
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Fig.1.Map showing themain tectonic features of the study area fromÁrnadóttir et al. (2004). The Reykjanes peninsula (RP), the Hengill triple junction (He), thewestern volcanic zone
(WVZ), the south Iceland seismic zone (SISZ), and the eastern volcanic zone (EVZ) are indicated. The light shaded areas are individual fissure swarms with associated central
volcanoes, which characterize the rift zones. Mapped surface faults of Holocene age are shown with black lines (Einarsson and Sæmundsson, 1987). The epicenter locations of
earthquakes (mainshock and aftershocks) on June 17, 2000 are shownwith black stars. The June 17mainshock is labeled J17. The Reykjanes peninsula events occurred 26 s after J17 on
the Hvalhnúkur fault (H), 30 s after J17 near Lake Kleifarvatn (K), and 5min after J17 at Núpshlídarháls (N) as located and timed by seismology (Vogfjörd, 2003; Antonioli et al., 2006).
The location of the June 21, 2000mainshock is shownwith awhite star labeled J21. The location of the capital of Iceland, Reykjavik, is denoted by R. Large and small dashed rectangles
mark the areas shown in Figs. 2a–d and 12, respectively. The inset shows a simplified map of the plate boundary across Iceland, with the location of the main part of the figure
indicated by the black rectangle. The black arrows show the relative motion between the North America and Eurasian plates from NUVEL-1A (DeMets et al., 1990, 1994).
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Earthquakes in the SISZ do not rupture its entire 100-km length from
east towest; the 20-km length of the north–south faults seems to limit
their magnitude to 6.5 or 7.

The analyzed seismic sequence began on 17 June 2000, with a
mainshock of magnitude Ms=6.6 (Antonioli et al., 2006). It produced
co-seismic deformation that was measured geodetically by both GPS
(Árnadóttir et al., 2001) and InSAR (Pedersen et al., 2001). Three and a
half days (81 h) later, a second earthquake of the same magnitude
ruptured a distinct fault some 18 km to thewest of the first event. Both
earthquakes have strike-slip focal mechanisms on faults dipping
nearly vertically (Ekström et al., 2005) and ruptured the ground sur-
face in a right-lateral, en échelon patternwith an overall strikewithin a
few degrees of north (Clifton and Einarsson, 2005). The hypocentral
depths estimated from seismology using a layered velocity model
are 6.3 and 5.1 km for the June 17 and 21 mainshocks, respectively
(Árnadóttir et al., 2001). The slip distributions estimated from geo-
detic data for both earthquakes have maxima over 2 m, down-dip
widths of 10–12 km, and along-strike lengths of 16–18 km (Árnadóttir
et al., 2001; Pedersen et al., 2003). The estimated geodetic magnitudes
for the June 17 and June 21 slip distributions areMw=6.4 andMw=6.5,
respectively (Pedersen et al., 2003).

The earthquakes in the 2000 SISZ sequence appear to be causally
related. Just after the June 17 mainshock, additional earthquakes
struck the Reykjanes peninsula, as far as 80 km to the west of the June
17 epicenter. Three of these events generated co-seismic displace-
ments thatwere large enough to bemeasured by InSAR andGPS and to
bemodeled as dislocation sources (i.e. discontinuity in displacement in
the fault plane) with magnitudes betweenMw=5.3 andMw=5.8 (Pagli
et al., 2003). These secondary earthquakes ruptured the surface, broke
rocks, and coincided with a drop of several meters in thewater level of
Lake Kleifar (Clifton et al., 2003). Three aftershocks, at 8 s, 26 s, and 30 s
(Fig. 1) after the June 17mainshock at 15:40:41 UTC seem to have been
dynamically triggered by the seismic wave train as it propagated
westward (Antonioli et al., 2006). Two other events occurred 2 and
5 min after the June 17 mainshock at a distance of almost 4 km and
80 km towards the west, respectively (Antonioli et al., 2006). The June
17 earthquake brought the June 21 fault closer to failure, based on the
increase in static Coulomb stress calculated at the June 21 hypocenter
(Árnadóttir et al., 2003).

The migration of M≥6 earthquakes from east to west across the
SISZ has been observed in previous earthquake sequences in 1732–
1734, 1784, and 1896 (Einarsson et al., 1981; Scholz, 2002). In 1896, for
example, five strong earthquakes ruptured distinct sub-parallel faults
over a distance of 50 km during an interval of three weeks (Einarsson
et al., 1981; Scholz, 2002). The M~7 event in 1912, however, does not
appear to fit this pattern because it occurred to the east of the 1896
sequence (Bjarnason et al., 1993a; Bellou et al., 2005).

In this study, our first objective is to evaluate the influence of
geometric and rheologic lithospheric heterogeneities on the inter-, co-,
and post-seismic deformation and stress fields in the SISZ. To explain
the co-seismic deformation, we build on previous estimates of the
distribution of slip that occurred on the rupture surfaces of the two
mainshocks in June 2000 from GPS measurements of displacements
(Árnadóttir et al., 2001), InSAR recordings of range change (the com-
ponent of displacement along the line of sight from the ground to the
satellite) analyzed by Pedersen et al. (2001), and a combination of both
in a joint inversion (Pedersen et al., 2003). All three of these studies
assume an elastic half-spacewith uniformvalues of shear modulus (or
rigidity) μ and Poisson's ratio ν. Yet previous studies outside of Iceland
suggest that assuming homogeneity can bias estimates of slip
distribution (Cattin et al., 1999; Masterlark, 2003; Cianetti et al.,
2005). For example, the aftershock hypocenters located by seismolo-
gical methods are deeper than the bottom of the fault rupture inferred
from geodetic measurements in the case of the 1994 Northridge
earthquake in California (Hudnut et al., 1996). In other words, the
seismological and geodetic procedures for locating co-seismic slip will
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yield different estimates if they assume different elastic models. A
similar discrepancy between the deepest aftershocks and the bottom
of the slip distribution also appears to apply to the June 2000 sequence
in the SISZ. Although the slip diminishes to less than 1 m below 8 km
depth (Pedersen et al., 2003), the relocated aftershock hypocenters
reach down to 10 km, with a few as deep as 12 km (Hjaltadottir et al.,
2005). Furthermore, the estimated slip distribution is sensitive to the
material properties and fault geometry, especially the shear modulus
(rigidity) μ in the upper crust (Dubois, 2006). By using layered models
that account for increasing rigidity with depth, we expect deeper slip
distributions (Cattin et al., 1999; Hearn and Burgmann, 2005).
Furthermore, an accurate estimate of the slip distribution is required
to test the hypothesis thatM 6 earthquakes in the SISZ rupture into the
lower crust (Stefansson et al., 1993). Accurate estimates of slip
distribution are also important for calculating maps of induced stress
changes and assessing seismic hazard. Accordingly, we evaluate the
effects of geometric and rheologic lithospheric heterogeneities in the
inter- and post-seismic time intervals, especially in terms of stress
changes. All of our stress calculations in a particular model are
consistent with the slip distribution estimated with the same model.
This strategy, suggested by Masterlark et al. (2001), avoids biasing the
results.

Our second objective is to understand why seismicity appears to
migrate from east to west across the SISZ. As on the North Anatolian
fault in Turkey, it appears that one earthquake can trigger the next
one (Barka, 1996; Stein et al., 1997; Hubert-Ferrari et al., 2000;
Parsons et al., 2000). Unlike Turkey, where successive earthquakes
rupture different segments of the same contiguous fault, the
sequences in Iceland involve distinct parallel faults, separated by
roughly one (~10 km) fault dimension. Although static Coulomb
stress changes can explain the location of the triggered earth-
quakes, this simple theory cannot explain the time delay between
the “source” (triggering) and “receiver” (triggered) events, as
pointed out by Scholz (1990, 2002) and recently reviewed by
Brodsky and Prejean (2005). At least six processes may be involved
in transferring stress from one fault to another: (1) propagation of
seismic waves, (2) changes in the static stress field caused by major
co-seismic slip, (3) seismicity “cascading” in an aftershock
sequence, (4) fluctuations in hydrological conditions, (5) flow of
ductile rocks, and (6) inter-seismic strain accumulation. All six of
these phenomena occurred in the SISZ before, during, and after the
June 2000 events.

1. The dynamic stress changes caused by propagation of seismic
waves apparently triggered the earthquakes on the Reykjanes
peninsula in the first minute following the June 17 mainshock
(Antonioli et al., 2006). Although this process is beyond the scope of
our study, introducing the geometric and rheologic heterogeneities
considered here into seismological models would presumably
improve the accuracy of the synthetic seismograms (e.g., Koma-
titsch et al., 2004).

2. During an earthquake, the co-seismic slip on the fault plane per-
manently alters the stress field in the surrounding rock. By
resolving the stress tensor onto a fault plane with a specified
orientation, one can evaluate whether it is more or less likely to
fail in a future earthquake based on the Coulomb failure stress
changes. This calculation has been performed previously using a
homogeneous half-space for the June 17 and 21 events in the SISZ
(Árnadóttir et al., 2003), as well as for many other earthquake
sequences, especially in strike-slip settings such as California (e.g.,
King et al., 1994; Stein, 1999).

3. In the “cascading seismicity” hypothesis, one earthquake triggers
the next in a kind of seismic “domino effect”. Changes in static
stress could alter rate- and state-dependent friction, thus produ-
cing a finite time delay between successive earthquakes (e.g.,
Toda et al., 2005). Here, we evaluate if the aftershock seismicity
in the June 2000 sequence changed the stress field enough to
modify the assessment of seismic hazard (e.g., Helmstetter et al.,
2005).

4. Fluctuations in hydrological conditions occurred in the weeks
to months after the June 17 mainshock (Björnsson et al., 2001;
Jónsson et al., 2003). Poro-elastic effects can explain about half the
post-seismic signal in an interferogram spanning June 19 through
July 24 in the SISZ (Jónsson et al., 2003). The same effects might also
explain stress transfer in the 2000 SISZ sequence. Under this
hypothesis, the co-seismic perturbation to the hydrologic pressure
field also alters the stress conditions on faults near the mainshock,
triggering aftershocks in areas where increasing pressure and shear
stress respectively unclamps and leads faults near failure (Nur and
Booker, 1972; Noir et al., 1997).

5. Viscous flow in ductile rocks occurs in the months to years after an
earthquake. For example, post-seismic deformation has been re-
corded by GPS around the June 2000 faults as late as May 2004
(Árnadóttir et al., 2005). These centimeter-sized displacements
have been modeled using a visco-elastic Burger's rheology in a
semi-analytical spherical-harmonic formulation by Árnadóttir et al.
(2005). Here, we use a linear Maxwell visco-elastic rheology in a
Cartesian finite-element formulation to investigate the effect of
geometry and other rheologic parameters on stress changes due to
viscous relaxation. Although ductile flow is much too slow to
explain the 86-hour time delay between the June 17 and June 21
events, it may contribute to the time delays (~100 years) between
earthquake sequences in the SISZ.

6. In terms of moment, the main events in the June 2000 sequence
released only about a quarter of the strain accumulated since 1912,
the date of the last major earthquake in the SISZ, assuming a
constant strain rate over the intervening 88 years (Sigmundsson
et al., 1995; Pedersen et al., 2003). Such inter-seismic strain
accumulation could conceivably increase the stress in the SISZ and
drive faults there closer to failure. Assuming that the crust
thickens from west to east, we describe the elastic properties at
a given depth as stiffer in the west than in the east. As a result, a
uniform strain field that is imposed as far-field boundary
conditions will lead to an asymmetric stress field that has higher
stresses in the west than in the east. Furthermore, if the crust is
considered as a thin plate, there will be an accumulation of stress
in the thinnest (western) part. The resulting stress gradient could
be steep enough to cause earthquakes to occur preferentially in
the west.

All these considerations motivate us to move beyond the
approximation of a half-space with uniform elastic properties
used in previous co-seismic studies and beyond the horizontal
layering approximation used in the visco-elastic models. In this
study, we explore models with rheologic and geometric hetero-
geneities, such as dipping layers with variable thickness and/or a
weak fault damage zone around the mainshock faults. To do so, we
calculate stress and displacement fields using a finite-element
method (e.g., Dhatt and Touzot, 1984). We use the TECTON code,
renovated by Williams and Richardson (1991), as described below.
This approach allows us to account for the variations in material
properties (density, shear modulus, and Poisson's ratio) and their
geometric configuration inferred from earthquake hypocenter
locations (Stefánsson et al., 1993), seismic tomography (Bjarnason
et al., 1993b; Darbyshire et al., 1998; Allen et al., 2002; Tryggvason
et al., 2002), and gravity modeling (Menke, 1999; Darbyshire et al.,
2000; Kaban et al., 2002).

2. Data

In this study, we consider different types of data: interferometric
analysis of synthetic aperture radar images (InSAR), displacement



Fig. 2. Co-seismic interferograms (a–b) and GPS displacements (e–f), showing ground deformation created by the June 17 and June 21 earthquakes. One colored fringe corresponds to
28.4 mm of range change. The images have been corrected for orbital errors. Surface projections of the modeled dislocations related to the June 17 (east) and June 21, 2000 (west)
earthquakes are drawn in black. The black line represents the Icelandic coast. (a) Interferogram T52 spans the time from June 16 to July 21, 2000. Therefore this interferogram includes
deformation due to bothMw=6.5 mainshocks. (b) Interferogram T95 spans the time from June 19 to July 24, 2000. Therefore this interferogram includes the co-seismic deformations
from the June 21 (west) mainshock and post-seismic deformation following the June 17 (east) mainshock. (c) Residual T52 interferogram showing the difference between the
observed and modeled deformation fields using the “Iceland” configuration. Other configurations yield similar results (Dubois, 2006). (d) Residual T95 interferogram between
observed and modeled deformation field using the “Iceland” configuration. Other configurations yield similar results (Dubois, 2006). Note the post-seismic signal near the June 17
(east) fault interpreted by Jónsson et al. (2003) as poro-elastic relaxation. (e) Comparison between the horizontal displacements measured by GPS (in blue) and those modeled using
the “Iceland” configuration (in red). Other configurations yield similar results (Dubois, 2006). Residuals are represented in green. (f) Same as (e) but for the vertical components of the
displacements.
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vectors from GPS stations, location, focal mechanisms, and magnitude
of the events in the June 2000 sequence.

The crustal deformation that occurred between June and Septem-
ber 2000 was recorded by the ERS-2 satellite in descending passes,
with incidence angles varying from 19° to 27°. The acquired images
have been described previously (Pedersen et al., 2001, 2003). The data
set used here is the same as that analyzed by Pedersen et al. (2003). It
consists of two interferograms in ERS tracks T52 and T95. The T52
interferogram (Fig. 2a) covers an area just east of the June 17 fault
and spans the time from June 16 to July 21, 2000. Interferogram T95
(Fig. 2b) covers a larger part of the SISZ. With a time span from June 19
to July 24, 2000, the T95 interferogram includes the June 21 event and
some early post-seismic deformation near the June 17 fault. The latter
signal has been interpreted as poro-elastic relaxation (Jónsson et al.,
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2003). The useful part of these interferograms consists of 582 data
points (179 for T52 and 403 for T95), which have been selected by
Pedersen et al. (2003) using a two-dimensional quantization algo-
rithm (Welstead, 1999).

The co-seismic GPS data set is the same as that used previously to
estimate the distribution of slip on the faults that ruptured on June 17
and 21 (Árnadóttir et al., 2001; Pedersen et al., 2003). It includes
displacement vectors from 37 stations. These stations have been
surveyed in 1995,1999, and 2000. The inter-seismicmotion during the
5-year time interval has been subtracted to obtain the co-seismic GPS
measurements. The stations are fairly evenly distributed in the area
(Fig. 2e and f) and provide valuable information west of the June 17
fault.

The post-seismic GPS data set has been previously described by
Árnadóttir et al. (2005). It includes 36 velocity vectors from 2000 to
2001 and 52 velocity vectors from 2001 to 2004, that have been
corrected for the inter-seismic motion inferred from three surveys in
1992, 1995, and in 1999. In this study, we use the 2000–2001 veloci-
Fig. 3. (a) Typical structure of the Icelandic lithosphere including the main features found i
Bjarnason et al., 1993b; Menke et al., 1996; Staples et al., 1997; Darbyshire et al., 1998; Men
2003). The layer with P-wave velocity between 7 and 8 km s−1 is a subject of discussion. H
S-wave velocities, and the dashed line, to the density (Bjarnason et al., 1993b; Árnadóttir a
(Kaban et al., 2002) implemented in the “Iceland” configuration. The contour interval i
“Iceland” configuration. The contour interval is 1 km. In (b) and (c), solid gray lines represen
the reference point of the local easting and northing coordinate system, located at (63.9
projected onto the surface.
ties without subtracting the poro-elastic deformation calculated in
Árnadóttir et al. (2005) using the homogeneous model of complete
poro-elastic relaxation from Jónsson et al. (2003) (see the discussion
in Section 6).

The earthquakes recorded by the SIL seismological network
(Stefánsson et al., 1993; Bödvarsson et al., 1999) operated by the
Icelandic Meteorological Office (IMO, 2006) have been relocated by
Hjaltadóttir et al. (2005) using multiplet algorithms (Slunga et al.,
1995; Slunga, 2003) to establish a data set of locations with a precision
better than 1 km in all three spatial coordinates (Vogfjörd, 2003;
Hjaltadóttir et al., 2005) as part of the PREPARED project (Stefánsson,
2006). We use this data set to account for the aftershocks.

3. Model

In order to account for vertical and horizontal gradients of the
elastic parameters and fault damage zones (weaker zones centered on
the faults) in the co-seismic inversion, we define five configurations of
n the literature (Pálmason, 1971; Gebrande et al., 1980; Flóvenz and Gunnarsson, 1991;
ke et al., 1998; Du and Foulger, 2001; Weir et al., 2001; Allen et al., 2002; Foulger et al.,
ere, it is considered as part of the lower crust. The solid lines correspond to the P- and
nd Olsen, 2000). (b) Depth of the interface between lower crust and upper mantle Hc

s 5 km. (c) Thickness of the upper crust Hu (Darbyshire et al., 1998) as used in the
t traces of modeled faults for June 17 (east) and June 21 (west). The black dot indicates
9°N; 20.71°W). It also corresponds to the center of the modeled June 21 dislocation,
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an elastic lithospheric model: (1) a homogeneous configurationwhich
is an elastic homogeneousmedium, (2) a configurationwhich includes
horizontal layers and a depth-dependent gradient in rigidity, (3) a
configuration similar to the previous one (2) but in which the layers
have variable thickness, introducing horizontal gradients in the
rigidity (called the “Iceland” configuration), (4) a configuration adding
weak fault zones (with lower rigidity) to the homogeneous config-
uration (1), and (5) a configuration adding weak fault zones (with
lower rigidity) to the configuration with horizontal layers (2).

The first three configurations are also used in a visco-elastic model
to study the influence of heterogeneities on post-seismic deformation.
We describe the geometry and the rheology of these configurations
below.

3.1. Geometry

The internal structure of Iceland (Fig. 3a) includes a thin upper
crust with a strong gradient in seismic velocities (P-wave velocity
ranging between 3.0 km/s and 6.5 km/s), overlying a thicker lower
crust characterized by a very weak gradient for the seismic velocities
(P-wave velocity ranging between 6.5 km/s and 7.0 km/s) (Pálmason,
1971; Gebrande et al., 1980; Flóvenz and Gunnarsson, 1991; Bjarnason
et al., 1993b; Menke et al., 1996; Staples et al., 1997; Darbyshire et al.,
1998;Menke et al., 1998; Du and Foulger, 2001;Weir et al., 2001; Allen
et al., 2002; Foulger et al., 2003). Both these layers lie above a layer
with P-wave velocity typically between 7.0 and 7.4 km/s that acts as a
transitional layer between the crust and the mantle (Kaban et al.,
2002). Below this transitional layer, the upper mantle is characterized
by a P-wave velocity of about 8.0 km/s. In addition to seismic data,
gravity data have been used to make structural interpretations
(Staples et al., 1997; Menke, 1999; Darbyshire et al., 2000; Weir
et al., 2001; Allen et al., 2002; Kaban et al., 2002). All these studies
enable us to constrain the crustal thickness Hc in the “Iceland”
configuration. This crustal thickness varies between approximately
20 km along the coast and 40 km under the Vatnajökull ice cap in the
southeast part of Iceland (Fig. 3b). The upper crust is thinner, with a
thicknessHu ranging from 7–8 km to 3–4 km under the active zones of
the island (Fig. 3c). In the case of a horizontally-layered configuration,
we assume that the values of Hu and Hc are roughly constant and
equal to 5 km and 23 km, respectively, corresponding to the values
under a point midway between the June 17 and June 21 faults.

Next, we specify the geometry of the two faults used in the elastic
and visco-elastic models. The sensitivity analysis of Dubois (2006)
shows that the surface deformation is less sensitive to the geometric
fault parameters than to the rheologic parameters (especially in the
upper crust). Indeed, the errors in the estimation of the geometric
fault parameters are smaller than the 95% confidence intervals for this
sensitivity study. We can therefore set the values of these geometric
parameters to the values determined by Pedersen et al. (2003),
without significantly changing our results. The faults are modeled as
rectangular patches with right-lateral horizontal strike slip, which is
free to reach the surface. The strike and the dip of the June 17 plane are
fixed to 1.68°E and 87° to the east, respectively. A vertical plane with a
strike of 0.5°E describes the June 21 fault. The length and the width of
the faults are set to 23 km and 15 km respectively. These dimensions
are larger than those used by Pedersen et al. (2003) to allow deeper
and wider slip distributions in our heterogeneous configurations. The
centers of the surface traces of the fault planes are located at 63.99°N;
20.71°W for the June 21 fault and at 63.99°N; 20.35°W for the June 17
fault. We use the latter point as the origin of our local coordinate
system.

3.2. Rheology

The homogeneous configuration is similar to the model used by
Pedersen et al. (2003). It is a homogeneous elastic medium with a
density ρ of 3000 kg m−3 and a rigidity μ of 30 GPa (Fig. 4). The
Poisson's ratio ν is set to 0.28 (Jónsson et al., 2003; Pedersen et al.,
2003).

In the other configurations, the values of the elastic parameters
shown in Fig. 4 are calculated from the P- and S-wave velocities Vp and
Vs as well as from the density ρ (Fig. 3a) under the SISZ as inferred by
the SIL (South Iceland Lowland) project (Bjarnason et al., 1993b). We
calculate the rigidity and Poisson's ratio using

Vp ¼
ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
2μ 1−vð Þ
ρ 1−2vð Þ

s
; Vs ¼

ffiffiffi
μ
ρ

r
: ð1Þ

From these relations (1), we approximate the upper crust in the
configuration with horizontal layers as five layers with a Poisson's
ratio ν of 0.28 and a shear modulus μ ranging from 12 to 34 GPa. Each
layer has a thickness of 1 km. The stiffness in this configuration thus
increases with depth, following the steep gradient in seismic velocity.
Since this gradient is less steep below, we can describe the lower crust
with only two layers. Each layer has a thickness of 9 km, a Poisson's
ratio ν of 0.25, and a shear modulus μ from 40 to 45 GPa. At the
bottom of the configuration, the mantle is homogeneous with a
Poisson's ratio ν of 0.30 and a shear modulus μ of 60 GPa.

The configurations with fault damage zones are similar to the
homogeneous configuration and to the one with horizontal layers.
The only difference is a low-rigidity zone centered on the faults to
describe the damaged rocks near them. According to Cocco and Rice
(2002, 2003), the shear modulus μ in this fault damage zone is
typically four times smaller than in the surrounding rocks, assuming
that the density ρ and the bulk modulus K are the same. Therefore,
the shear modulus μ in the homogeneous configuration with fault
damage zones is around 7.5 GPa in each fault zone, which we assume
to be a box of 600 m width, centered on the fault and with a depth
extending to the bottom of the mesh. In the horizontally-layered
configuration with fault damage zones, these zones are geometri-
cally similar except for their depths, which correspond to the bottom
edge of the modeled fault. We assume that only the uppermost layer
has its shear modulus μ lowered by a factor of four and that this
parameter increases linearly with depth in the fault damage zones
(Fig. 4). This simple assumption is a first step toward accounting for a
reduction in damage with depth because of stiffer rigidity. In these
configurations, the Poisson's ratio ν in the fault damage zones is
obtained from the relations (1) using the reduced values of shear
modulus μ.

The rheology of the “Iceland” configuration is identical to that of
the model with horizontal layers (Fig. 4). Only the geometry of the
upper and lower crust is different, allowing us tomodel the dip toward
the east across the SISZ for these two layers (see Section 3.1 and also
Fig. 3b and c) as observed in previous three-dimensional studies
(Darbyshire et al., 2000; Allen et al., 2002; Kaban et al., 2002).

The visco-elastic model is based on the configurations without fault
damage zones, but with the same elastic properties. The goal of this
visco-elastic modeling is to estimate the sensitivity of viscous deforma-
tion to two kinds of heterogeneities: the vertical gradient of increasing
rigidity and the horizontal gradients in both rigidity and viscosity due to
the geometry of the upper and lower crust. Here we do not discuss the
effect of gravity or the influence of elastic thickness, which have been
described elsewhere (Rundle, 1982; Fernández et al., 1996; Wang et al.,
2006). The literature gives awide range of values for the thickness of this
layer. For example, Kaban et al. (2002)findavalueof 6 kmwhereas other
authors estimate the elastic thickness to be around 10 km (Hackman
et al., 1990; Pollitz and Sacks, 1996; Tryggvason et al., 2002) or 20 km
(Sigmundsson, 1991; Sigmundsson and Einarsson, 1992; Thoma and
Wolf, 2001). Herewe choose tomodel the extreme case (smallest elastic
thickness) and therefore introduce two values for the linear Maxwell
viscosity, one in the lower crust and another in the upper mantle,



Fig. 4. Cross section showing rheologic parameters as a function of depth: density ρ (thick dashed line), rigidity μ (thick solid line), and Poisson's ratio ν (thin solid line). The
thicknesses of the rheologic layers depend on Hu and Hc, the depths to the bottoms of the upper and lower crustal layers, respectively (see Section 3.1). The configurations are: a
uniform half-space (homogeneous configuration), horizontal layers with constant thickness which enable vertical gradients of elastic parameters (horizontally-layered
configuration), dipping layers with variable thickness which enable vertical and horizontal gradients of elastic parameters (“Iceland” configuration), a half-space with fault damage
zones (homogeneous configuration with fault damage zones), and horizontal layers with fault damage zones (horizontally-layered configuration with fault damage zones).
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whereas the upper crust remains elastic, as in Kaban et al. (2002). The
density (Fig. 4) is used only to calculate the elastic parameters based on
the relations (1). The viscosity for the elements in the ductile lower crust
Fig. 5. “Variable” mesh used with the “Iceland” configuration and modeling thickening
317×300×100 km (whole box). The color code shows the Icelandic coast (blue line), the 180
and part of the upper mantle (red). The coordinates are easting, northing and upward compo
June 21 fault trace (63.99°N, 20.71°W) and shown by a gray dot in Fig. 3b and c. Note that the
upper/lower crust and crust/mantle interfaces that are horizontal (Hu=5 km and Hc=23 km
and uppermantle is set to 1019 Pa s (Dubois, 2006), which is compatible
with the results of Sigmundsson and Einarsson (1992), Pollitz and Sacks
(1996), and Árnadóttir et al. (2005).
of the crust from east to west across the SISZ. The dimensions of the mesh are
×100 km studied zone (red rectangle), the upper crust (green), the lower crust (orange),
nents of position with respect to a reference point located at the center of the modeled
mesh is denser near the modeled dislocations. The “horizontal”mesh is similar but with
).



19L. Dubois et al. / Tectonophysics 457 (2008) 12–29
4. Methods

4.1. Finite-element method (FEM)

To calculate the surface displacements due to slip in the fault plane,
we use TECTON (Williams and Richardson, 1991), a software package
that implements a finite-element formulation based on three-
dimensional hexahedral elements. A revised version of this package,
now called PyLith/LithoMop, is maintained by the Computational
Infrastructure for Geodynamics (CIG, 2008). We have created two
meshes (Fig. 5) to account for the primary interfaces in our problem:
upper/lower crust, mantle/crust, as well as the fault rupture planes for
the June 17 and June 21 mainshocks. The mesh for the homogeneous
configuration, also used for the horizontally layered configuration
and both configurations with fault damage zones, includes horizontal
layers with constant thickness (labeled “horizontal”mesh). A different
mesh (labeled “variable” mesh and shown in Fig. 5) is used for the
“Iceland” configuration. To increase our confidence in the solu-
tions calculated with this configuration, we test the “horizontal”
and “variable” meshes with a homogeneous distribution of elastic
parameters. The co-seismic surface displacement fields calculated
using these two meshes differ by less than 0.1 mm for all three
components (see the elastic TECTON test below). Thus the error
introduced by comparing solutions from two different meshes is
negligible.

For bothmeshes, the boundary conditions on the bottom and four
vertical sides are fixed to have zero displacement while the top
surface is free to move. The region under study has a size of 180 km
by 100 km by 30 km. Its surface projection is shown by a red box in
Fig. 5. To avoid edge effects, we extend the meshes to a larger region
of 317 km by 300 km by 100 km. The elastic solution achieves
numerical convergence with a 3D mesh of approximately 70,000
nodes (Dubois, 2006), but we use 140,000 nodes in order to have a
regular grid of nodes with a resolution of 1 km for the modeled
dislocations related to the June 17 and June 21 events. The fault slips
are described as relative horizontal displacements at 690 so-called
“split nodes” (Melosh and Raefsky, 1981) that permit discontinuities
in the model. The convergence of the visco-elastic solution is
obtained with a gradual time step calculation as described by Dubois
(2006). In the beginning, the time step is one tenth of the smallest
Maxwell time τM. Later, it is equal to 5τM near complete relaxation
after 50τM.

To evaluate the accuracy of the elastic TECTON solution in the case
of ourmodels, we compare its predictions to the analytical solution for
a rectangular dislocation buried in an elastic half-space formulated by
Okada (1985) and implemented in the RNGCHN code of Feigl and
Dupré (1999). Using a dislocation with a homogeneous slip distribu-
tion equivalent to an Mw=7 earthquake, we calculate the displace-
ment field at the surface using bothmethods. The average difference is
less than 1 mm in all three components, thus validating our finite-
element approach in the elastic case (Dubois, 2006).

For the post-seismic visco-elastic models, we compare the surface
displacement fields calculated using two different methods: first our
finite-element approach using the TECTON software, as described
above, and second a semi-analytical Green's function approach using
the PSGRN/PSCMP software of Wang et al. (2006). The average dif-
ference in surface displacement is less than 3 mm for all three com-
ponents after complete relaxation, thus validating our finite-element
approach in the visco-elastic case (Dubois, 2006).

4.2. Co-seismic joint inversion

To estimate the distribution of slip on the June 17 and June 21 fault
planes, we use the same data set and inversion algorithm as Pedersen
et al. (2003). The latter is a damped non-negative least squares algo-
rithm (Lawson and Hanson,1974). Pedersen et al. (2003) have used the
Okada (1985) analytical formulation to calculate the elastic Green's
functions, i.e. the partial derivatives of the measurable quantities
(displacements) with respect to the model parameters (slip on dis-
crete fault patches). Pedersen et al. (2003) were limited to a homo-
geneous half-space model with this method. In this study, we want to
investigate the influence of rheologic and geometric heterogeneities
on slip estimates. We therefore use the three-dimensional FEM for-
mulation to calculate the elastic Green's functions. This difference in
approach entails a difference in the fault parameterization. The ana-
lytical dislocation formulation specifies the slip as a constant value
inside each rectangular rupture patch on the fault plane. The pa-
rameterization in the finite-element approach assigns a slip value to
each split node. In other words, the slip distribution is discontinuous
in the dislocation formulation, but continuous (piece-wise planar) in
the finite-element formulation. As a result, the latter leads to
smoother slip distributions and smaller stress concentrations than
the former.

The system of equations that we have to invert has the following
form:

C−1=2
d dobs

0

� �
¼ C−1=2

d Kg
κL

� �
m ð2Þ

where dobs is a vector containing the data (data vector with the 582
InSAR points and the 3×37 GPS components), Cd is the covariance
matrix of the data, Kg is the kernel constructed with the Green's
functions, κ the smoothing parameter, L the discrete Laplacian oper-
ator andm is a vector of model parameters with the slip value of each
split node. The non-negative least squares inversion of system (2)
enables us to calculate the slip distribution mcal (“cal” for calculated).

To evaluate the uncertainty of the slip distribution calculation, we
apply the posterior covariance operator described by Tarantola (2005).
We obtain only a rough estimate of this uncertainty because this
operator is not well defined for an inversionwith a non-negative least
squares algorithm. A more rigorous method is to use a bootstrap
algorithm (Efron and Tibshirani, 1986). Accordingly, we resample
Nb=1000 times the data vector randomly according to its (diagonal)
covariance. For each realization of the data vector, we solve the inverse
problem to find a population of the estimates m for the model pa-
rameters m. The standard deviations of the model parameter esti-
mates are then

σ mð Þ ¼

ffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffiffi
∑
Nb

i¼1
m̂i −E m̂ð Þ� �2
Nb−1
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ð3Þ

where the E operator denotes the expected value. However, this
method gives an uncertainty value that is too optimistic (low) because
it neglects model uncertainty. The geometric contribution of the re-
lative positions of the data points and the modeled faults is not
accurately evaluated. The uncertainties that we show are the maxi-
mum values obtained from the two methods. We therefore have a
pessimistic estimate of the accuracy of our inversion.

In our inversion, we must choose the appropriate amount of
smoothing to optimize the trade-off between fitting the data (RMS
misfit) and finding a slip distribution with a physically plausible
roughness

R ¼ jjLmcal jj 1: ð4Þ

Here we choose the value of the smoothing parameter by applying
the geometric smoothing optimization criterion described by Frey-
mueller et al. (1994). This value (κ=0.4) is the same for all con-
figurations (Fig. 6) and is different from the one used by Pedersen et al.
(2003) because of the difference between our modeling approach
(split nodes) and theirs (fault patches).



Fig. 6. (a) Trade-off between the misfit (residual RMS) and the smoothing efficiency
(roughness R). (b) Relation between the inversion efficiency (RMS) and the smoothing
parameter κ. The optimized value for κ (circles) is chosen from the trade-off curve in
panel (a) using the geometric method described by Freymueller et al. (1994). The chosen
value corresponds to κ=0.4 in (b).

20 L. Dubois et al. / Tectonophysics 457 (2008) 12–29
4.3. Stress changes

Next, we evaluate the stress contributed by several processes ob-
served in the SISZ. As described in the Introduction, there are five
processes, not counting seismic waves. For each process, we calculate
the Coulomb stress changes in the SISZ using the following relation
(Rice and Cleary, 1976)

ΔσC ¼ Δσ t þ μ f Δσn−
B
3
Δσkk

� �
ð5Þ

where B is Skempton's coefficient, μf is the coefficient of friction on
the “receiver” fault, Δσt is the change in shear stress projected onto
the “receiver” fault plane (taken positive in the sense of the slip
vector), Δσn is the change in normal stress (taken positive in tension),
and σkk is the trace of the stress tensor. Using the Coulomb failure
stress relationwith the effective coefficient of friction (Rice and Cleary,
1976) does not alter our conclusions. To evaluate the Coulomb failure
stress changes, we project the tensor of stress changes onto a right-
lateral strike-slip vector lying with a north-striking vertical “receiver”
fault plane that typifies the SISZ focal mechanisms (Árnadóttir et al.,
2003; Dubois, 2006). The result is a scalar Coulomb stress changeΔσC.
Following a previous study in the area (Árnadóttir et al., 2003), we set
B=0.5 and μf=0.75. The sensitivity of the stress changes to modi-
fications in these coefficients has been evaluated in previous studies
(King et al., 1994; Cocco and Rice, 2002, 2003). We have not attempted
to adjust B or μf because King et al. (1994) found that “any im-
provements to the correlation between stress changes and aftershock
occurrence are modest”.

First, we estimate the influence of the elastic lithospheric model on
the stress changes. The slip distribution estimated for each configura-
tion is used to calculate the co-seismic Coulomb failure stress changes
related to the June 17 mainshock.

Second, the visco-elastic contribution of both June2000 earthquakes
is calculated with a viscosity value of 1019 Pa s for the upper mantle and
the lower crust. The calculation is performed for each configuration of
the visco-elastic model to qualitatively evaluate the sensitivity of the
stress changes to the heterogeneities incorporated in our modeled
lithosphere (e.g., layering and variable thickness of the crust).

Third,we estimate the complete poro-elastic contributionof the June
17 earthquake in the case of the horizontally-layered configuration. We
employ a modeling approach, originally introduced by Rice and Cleary
(1976), which assumes a change in elastic properties, specifically
Poisson's ratio, from an undrained state (fluids with the solid matrix
resist instantaneous co-seismic deformation) to a completely drained
state (fluids are free to flow and only the solid matrix resists long-term
deformation), also employed by other authors for several other earth-
quakes in different tectonic settings (Peltzer et al.,1998; Fialko, 2004). In
practice, we run TECTON twice with the horizontally-layered config-
uration and with the slip distribution estimated from the co-seismic
inversion: the first time in an undrained state (rheologic parameters
shown in Fig. 4) and the second time in a drained state by assuming a
decrease of Δν=0.06 in Poisson's ratio that is similar to the model of
Jónsson et al. (2003). The complete poro-elastic displacement field is
deduced by subtracting the field obtained with the drained state from
the one calculated with the undrained state. The validity of the
assumptions underlying this simple, static and elastic approximation
to what is actually a complex, time-dependent, poro-elastic problem
(Wang, 2000) will enter into our discussion below.

We then evaluate the influence of seismicity during the time
interval from the June 17 earthquake to December 31, 2000, excluding
the June 21 mainshock. The data set compiled by the SIL network
(Stefánsson et al., 1993; Bödvarsson et al., 1999) gives the location and
the focal mechanism for each of the 14,388 earthquakes having a
magnitude Mw≥0. To account for the effects of the micro-seismicity,
we estimate the stress changes produced by all these events in
the configuration with horizontal layers by using the semi-analytical
EDGRN/EDCMP code (Wang et al., 2003) to save computation time. In
this calculation, we consider the events withMwb4.8 as point sources.
The other events are modeled as rectangular dislocations with a
length equal to 1.5 times their width (Wells and Coppersmith, 1994).

Finally, we evaluate the usefulness of building further complex
geometric and rheologic models to study inter-seismic deformation.
We run simple models with TECTON to calculate the stress changes
over 100 years of strain accumulation in the SISZ to test if the eastward
thickening of the crust can produce an asymmetric stress distribution.
These models are derived from the horizontally layered and “Iceland”
configurations of the elastic lithospheric model by removing both co-
seismic dislocations and by applying a velocity of 0.95 cm yr−1 in the
N110°E direction as a boundary condition on the North American and
Eurasian faces of the mesh (DeMets et al., 1990, 1994). The meshes are
similar to the “horizontal” and “variable” meshes (see Section 3 and
also Fig. 5) but slightly modified to have two opposite lateral sides
perpendicular to the stretching direction. To compute the stress
changes produced by the geometric variation in crustal thickness, we
run this model twice, once in the configurationwith horizontal layers,
and then in the “Iceland” configuration with crust thickening toward
the east. After projecting the resulting stress changes onto North-
striking vertical strike-slip faults, we subtract the two fields to



Fig. 7. View of fault planes showing the estimate for the 1-σ uncertainty of the calculated slip for the June 17 (left) and June 21 (right) events.
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obtain the geometric contribution to the changes in Coulomb failure
stress.

5. Results

5.1. Co-seismic joint inversion

The results of the inversions in all the configurations fit the data as
well as those in Pedersen et al. (2003) (Fig. 6). The “Iceland”
Fig. 8. View of fault planes showing the slip distribution estimated for the June 17 mainshoc
and horizontally layered (lower row) configurations. The white stars indicate the hypocente
24 h of the June 17 and June 21 mainshocks, respectively. These aftershocks have been relo
configuration has the best fit but its RMS misfit is not significantly
better than for the other configurations. Fig. 2c and d shows the
interferometric residuals and Fig. 2e and f showsmapswith themodeled
displacements and the GPS measurements. Although these maps have
been calculated using the configurationwith horizontal layers, the other
configurations yield similar results (Dubois, 2006). In the residual
interferogram for T95, the same signal near the June 17 fault appears for
each configuration, confirming that it is not an artifact. This signal has
been interpreted as poro-elastic deformation (Jónsson et al., 2003).
k (left column) and June 21 mainshock (right column) in the homogeneous (upper row)
rs of the mainshocks. The black dots indicate aftershocks within 1 km of each fault and
cated by the Icelandic Meteorological Office (IMO, 2006), as described in Section 2.
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The uncertainty in the calculated slip distribution (Fig. 7) reaches
more than 1 m near the surface, particularly in the section of the June
17 fault south of the hypocenter. This result may reflect discrepancies
between the InSAR and GPS measurements at locations near the fault.
Elsewhere on both faults, the standard deviation of the slip is less than
0.5 m as deep as 5 km depth and increases to about 1.4 m below 12 km
depth. This pattern is consistent with previous studies. The resolution
is better in the uppermost 5 km and degrades with depth below
(Pedersen et al., 2003).

Using the homogeneous configuration, we have estimated the
distribution of co-seismic slip on the June 17 and June 21 fault planes
(Fig. 8a and b). It is similar to that estimated using the fault patch
parameterization (Pedersen et al., 2003), further validating our finite-
element approach. Most of the slip is shallow, above 6 km depth. The
Fig. 9. View of fault planes of the June 17 mainshock (left column) and June 21 mainshock (ri
layered configurationwith respect to the homogeneous one (top row), the homogeneous con
and the horizontally layered configurationwith fault damage zones with respect to the horizo
the differences in the slip estimates divided by their 1-σ uncertainties (Fig. 7). The contour
significant at the 68% confidence level. For each panel, the white circle indicates the centroid
second, e.g., the white circle is the centroid for the horizontally-layered configuration in th
slip decays to less than 0.5 m below 9 km depth for the June 17 fault
and below 11 km depth for the June 21 fault. The centroid depths are
3.7 and 3.8 km, respectively. Some of the aftershock hypocenters are
located outside the high-slip areas: between 8 and 10 km depth in the
June 17 fault plane and between easting coordinates −8 and −6 km in
the June 21 fault plane.

Fig. 8c and d shows the slip distribution estimated using the
configuration with horizontal layers. The differences between the
horizontally layered and homogeneous configurations appear in
Fig. 9a and b. The slip extends slightly deeper in the horizontally-
layered configuration than in the homogeneous configuration. The
centroid is located 0.3 km deeper for the June 17 fault and 0.5 km
deeper for the June 21 fault. For the June 21 fault, there is a zone with
about 1 m more slip at 10 km depth in the horizontally-layered
ght column) showing the differences in estimated slip distribution for the horizontally-
figurationwith fault damage zones with respect to the homogeneous one (middle row),
ntally layered one (bottom row). The black lines denote the significance ratio, defined as
where this ratio equals 1 thus includes the area where the differences are statistically
of the first slip distribution in the pair, while the black circle indicates the centroid of the
e first row. The white stars indicate the hypocenters of the mainshocks.



Fig. 10. Views of the fault planes showing the slip distribution estimated for the June 17 mainshock (left column) and June 21 mainshock (right column) in the homogeneous (upper
row) and horizontally-layered (lower row) configurations with fault damage zones. The white stars indicate the hypocenters of the mainshocks and the black dots indicate
aftershocks within 1 km of each fault and 24 h of the June 17 and June 21mainshocks, respectively. These aftershocks have been relocated by the Icelandic Meteorological Office (IMO,
2006), as described in Section 2.
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configuration than in the homogeneous configuration. The increase in
slip concentrates around the hypocenter relocated at 5.1 km depth
from seismology using a layered velocity model (Árnadóttir et al.,
2001). This difference (Fig. 9b) is statistically significant if we re-
member that the standard deviation of the estimate in the configura-
tion with horizontal layers is pessimistic (Fig. 7). The slip estimated
at the surface is also significantly larger when calculated in the
horizontally-layered configuration than in the homogeneous config-
uration. The slip distributions using the “Iceland” configuration are
essentially the same as those found in the configuration with
horizontal layers (Dubois, 2006).

The slip estimated in the homogeneous configuration with fault
damage zones (Fig. 10a and b) concentrates in the upper crust,
significantly increasing the maximum slip value around the June 21
hypocenter at 5 km depth (Fig. 9d). For the June 17 fault plane, the
slip is significantly shallower in the distribution with this config-
uration than in the one with the homogeneous configuration. Of all
the configurations, the homogeneous one with fault damage zones
exhibits the steepest slip gradient and thus the highest residual
stress. The aftershock locations appear to correlate with these areas
of high high-slip gradients, particularly for the southern edge of the
June 21 rupture. Adding a fault damage zone to the heterogeneous
configurations also changes the slip distribution. The result with
the horizontally-layered configuration with fault damage zones
(Fig. 10c and d) has significantly more slip in the uppermost mesh
elements and around the hypocenters in both fault planes than
does the result with the configuration with horizontal layers (Fig.
9e and f).
The magnitudes estimated in configurations that include the het-
erogeneities of each configuration are quite similar, with a value of
aboutMw=6.5, except for the configurations with fault damage zones,
which give lower values: Mw=6.1 for the homogeneous configuration
with fault damage zones and Mw=6.3 for the horizontally-layered
configuration with fault damage zones. Although the damage zones
show large amounts of slip, they contribute little to the seismic
moment (and magnitude) because the shear modulus is low in them.
However, the modeling of a fault damage zone is not well constrained
in our study, as noted above.

5.2. Stress changes

The vertical lithospheric heterogeneities have a clear influence
on the co-seismic stress changes caused by the June 17 earthquake
(Fig. 11a). In map view, the area within a contour of 10 kPa is some-
what smaller when calculated with the horizontally-layered config-
uration than with the homogeneous configuration. This effect is
noticeable in the uppermost part of the crust and fades out below
10 km depth. Interestingly, the “Iceland” configuration with variable
crustal thickness yields a Coulomb stress field that is slightly asym-
metric compared to the result from the configuration with horizontal
layers. Indeed, the lobe on the west side of the June 17 fault is about
4 km smaller than the one on the east side. This effect is not significant
enough to explain the westward migration of seismicity across the
SISZ.

The complete poro-elastic relaxation seems to contribute very
little to the stress changes and only in a very small area (Fig. 11b). On



Fig.11. Changes in Coulomb failure stressΔσC as a result of five candidate processes. The contours outline the areaswhere the change in Coulomb failure stressΔσC resolved on north-
striking vertical faults at 4 km depth exceeds 10 kPa. Red lines indicate faults for the June 17 (east) and June 21 (west) mainshocks. The dots in panels (a, b, c, e, f) indicate the
epicenters of earthquakes between June 17 and 21, 2000. The dots in panel (d) indicate the epicenters of earthquakes between June 17 and December 31, 2000 (Vogfjörd, 2003;
Hjaltadóttir et al., 2005). The sources of stress include: (a) co-seismic stress changes generated by the June 17mainshock calculated using the homogeneous (black line), horizontally-
layered (blue line) and “Iceland” (green line) configurations; (b) poro-elastic effects calculated with the horizontally-layered configuration and using the elastic approximation of a
complete relaxation with two different values of Poisson's ratio n, as described by Jónsson et al. (2003); (c) visco-elastic relaxation over 4 years calculated with the horizontally-
layered (blue line) and “Iceland” (green line) configurations; (d) “domino” effect of cascading aftershocks from June 17 to June 21, 2000 (black) and from June 17 to December 31, 2000
(blue) calculated by summing the co-seismic stress changes for all the aftershocks with magnitude greater than zero during these time intervals and excluding the two Mw=6.5
mainshocks; (e) geometric contribution to 100 years of inter-seismic strain accumulation obtained by subtracting the inter-seismic changes in the stress field calculated using the
horizontally-layered configuration from that obtained with the “Iceland” configuration. (f) Combination of the co-seismic and the geometric contribution to the inter-seismic stress
changes integrated over 100 years, calculated as the sum of the stresses shown in panels (a) and (e).
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the other hand, after four years of post-seismic viscous relaxation,
the Coulomb failure stress changes at 4 km depth are of the same
order of magnitude as the static co-seismic stress changes caused by
both June 2000 events. Moreover, Fig. 11c shows that the 10 kPa
contour area for the “Iceland” configuration of the visco-elastic
model is smaller than the area for the horizontally-layered config-
uration. The former has an asymmetric shape, highlighting the
importance of a realistic geometric configuration in visco-elastic
stress calculations. Dubois (2006) has shown that these results
remain similar if we vary the viscosity values of the upper mantle
and the lower crust in an interval compatible with the conclusions of
previous studies (Sigmundsson and Einarsson, 1992; Pollitz and
Sacks, 1996; Árnadóttir et al., 2005).

Fig. 11d shows the changes in static Coulomb failure stress at 4 km
depth due to the seismicity that occurred 3.5 days and 6 months after
the June 17 event (excluding the June 21 earthquake). These stress
changes seem to have been caused mostly by someMw=5 events. The
area inside the 10 kPa contour is approximately one fourth the size of
that contributed by both June 2000 mainshocks. The small changes
appearing after 6 months show that the other events withMwb5 have
a small, but non-negligible influence. The surface deformation in-
duced by seismicity (excluding bothMw=6.5 mainshocks) can involve
displacements of about 3 cm at some locations (Dubois, 2006). If
models do not take this displacement into account, then centimeter-
scale errors can be introduced.

In our simple inter-seismic model, we have calculated the con-
tribution of the eastward thickening to the stress changes caused by
plate motion accumulating over 100 years, the typical recurrence time
for large (MN6) earthquakes in the SISZ. The resulting stress field
exhibits a strong gradient, such that the stress is 10 to 40 kPa higher on
the June 21 fault than on the June 17 fault (Fig. 11e). To account for this
asymmetric effect in the June 2000 sequence, we combine the
previous stress field with the co-seismic Coulomb failure stress
changes produced by the June 17mainshock alone (Fig. 11f). The result



Fig. 12. Map view of range change (the component of displacement along the line of
sight from the satellite to the ground) due to complete poro-elastic relaxation calculated
using a ubiquitous value for the change of Poisson's ratio Δn=0.04 in the homogeneous
configuration. A negative range change corresponds to uplift and a positive range
change corresponds to subsidence. Solid black lines outline the co-seismic portion of
the fault plane that ruptured during the June 17 mainshock.
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of this calculation exhibits an asymmetric distribution that could
explain the westward migration of seismicity.

6. Discussion

6.1. Surface slip and poro-elastic relaxation

The co-seismic inversions in the layered configurations showmore
slip in the uppermost 2 km of the crust than those in the homo-
geneous half-space configurations (Fig. 9a and b). If we follow Jónsson
et al. (2003) in assuming that poro-elastic stresses have completely
relaxed within a month or two of the mainshock, we can use a single,
ubiquitous value for the change in Poisson's ratio. This “completely
relaxed” approximation has been described in Section 4.3. Fig. 12
shows the range change due to this modeled complete poro-elastic
relaxation. The resulting surface deformation field near the June 17
fault shows a heterogeneous pattern that is not present in the
corresponding model of Jónsson et al. (2003, their Fig. 2b).
Furthermore, the areas of large modeled range change due to poro-
elastic relaxation (Fig. 12) are located near the fault segments with
high surface slip estimated in our co-seismic inversion for the June 17
fault (Fig. 8a). Thus, our node-based parameterization of slip appears
to be more consistent with the slip discontinuities near the surface.
Explaining the heterogeneities in the post-seismic signal shown in
Fig. 2d near the June 17 fault, and also in Fig. 2a of Jónsson et al. (2003),
appears to require accounting for the structural details of the weak
sedimentary layer and the segmentation in the surface fault trace.
Such a study would also require a more thorough, time-dependent,
description of the post-seismic deformation, as discussed below.

6.2. Interactions of post-seismic processes

Regarding poro-elastic relaxation after the June 17 earthquake, we
have tried to reproduce the post-seismic signal near the June 17 fault
(Fig. 2d) by allowing the change in Poisson's ratio to vary in space.
Even by adding many free parameters, we cannot improve upon the
simple model of Jónsson et al. (2003) which explains only 50% of the
variance in the observed signal (Dubois, 2006). In other words, the
small, but significant, details of the signature cannot be explained by
adding spatial complexity to a model without time dependence. A
thorough, time-dependent, poro-elastic formulation is required.

Accordingly, a quasi-static approximation of poro-elastic deforma-
tion should not be used to “correct” GPS measurements of post-
seismic displacements in the near field. Our numerical modeling
suggests that the errors in the poro-elastic effect could be as large as 1
to 2 cm (Dubois, 2006). For example, the viscosity estimate for the
2000–2001 time interval (Árnadóttir et al., 2005) depends implicitly
on the poro-elastic model. Although the “correction” applies to only a
few GPS stations near the fault, the error could bias the estimate of
viscosity by an order of magnitude in the worst case (Dubois, 2006).

Similarly, interactions between afterslip and viscous relaxation
could also introduce errors if the two processes were analyzed sepa-
rately. Indeed, the next step in future modeling should be a multi-
process study (e.g., Freed et al., 2006).

6.3. Seismicity migration

In the SISZ, seismicity tends to migrate from east to west during
an earthquake sequence, such that the distribution of aftershocks is
asymmetric. Following the June 17 earthquake, more aftershocks
occur on the west side of the fault than on the east side (Fig. 11).
Furthermore, the aftershocks extend about 95 km to thewest, but only
about 15 km to the east of the June 17 mainshock epicenter. This
phenomenon could be related to the geometric configuration, in
particular the crustal thickening toward the east. Although the static
co-seismic stress changes calculated in the “Iceland” configuration of
the elastic model are slightly larger in the west than in the east, the
asymmetry is too slight for this process to be the sole explanation
(Fig. 11a). Similarly, the stress changes calculated by the completely
relaxed poro-elastic approximation are not strong enough to produce
the asymmetry observed in the seismicity (Fig. 11b). On the other
hand, the distribution of stress changes due to viscous relaxation in the
“Iceland” configuration of the visco-elastic model is asymmetric (Fig.
11c), but its shape differs from the east–west elongated pattern of
seismicity in the SISZ in the 6 months following the June 2000 events.
We should perhaps consider the aftershocks as active agents, rather
thanpassive tracers, in the processes responsible for transferring stress
from east to west across the SISZ. According to this notion, seismicity
could have a kind of “domino effect”, with a delay between events
caused by rate- and state-dependent friction (e.g., Toda et al., 2005).

One process that does produce an asymmetric stress distribution is
the geometric contribution due to the inter-seismic strain accumula-
tion in the simple elastic model with a configuration that has a crust
thickening to the east. Indeed, we imagine that the western part of the
SISZ is closer to failure than the eastern part after about 100 years of
inter-seismic deformation at a constant rate of strain (Fig. 11e).
Combined with the effects of the co-seismic stress changes, this
process could explain why a given mainshock tends to trigger more
earthquakes to the west of its hypocenter than to the east (Fig. 11f).

6.4. June 21 triggering

Our calculations of the static Coulomb failure stress changes can
elucidate the triggering of the June 21 event. All configurations of the
elastic model show that the June 17 event increases Coulomb stress by
100 to 150 kPa at the subsequent location of the June 21 hypocenter.
This result confirms that of a previous study (Árnadóttir et al., 2003)
which assumed a homogeneous half-space configuration. In every
case, stress increases over most of the modeled receiver fault that
ruptured on June 21 (Fig. 13a). Although this effect can explain the
location of the June 21 earthquake, it cannot explain the 3.5-day delay
following the June 17 event.



Fig. 13. Changes in Coulomb failure stress ΔσC on the modeled June 21 dislocation due to: (a) co-seismic June 17 deformation, (b) complete poro-elastic relaxation following the June
17 mainshock, and (c) summing the elastic co-seismic stresses for all the aftershocks with magnitude greater than zero between June 17 and June 21, but excluding the two Mw=6
mainshocks. The star indicates the position of the June 21 hypocenter and the black contour shows a 10 kPa increase of the Coulomb failure stress. (d) Time evolution of Coulomb
failure stress due to the June 17 aftershocks at the location of the June 21 hypocenter (black) and at the location of maximum stress increase (dotted lines) corresponding to point M
in (c).
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Two other candidate processes, inter-seismic strain accumulation
and viscous flow, are clearly too slow. Poro-elastic effects, on the other
hand, can act on a time scale of the order of days for a fault zone with a
thicknessof the orderof 10 to100mandapermeabilityof theorder of 10
−18m2 (Cocco andRice, 2002). Using thequasi-static, completely relaxed
approximation, we calculate the field of stress changes caused by poro-
elastic relaxation following the June 17 earthquake (Fig. 13b). This
process causes a stress decrease over large parts of the June 21 fault.
Accordingly, wewould not expect rupture to nucleate at the hypocenter
of the June 21 earthquake. However, we have shown above that the
assumptions underlying the quasi-static, completely relaxed approx-
imation in terms of change in Poisson's ratio seem to be inappropriate
here. We need a thorough, time-dependent, calculation to make strong
conclusions about the poro-elastic process. Similarly, afterslip is a
plausible candidate, but it also requires a time-dependent formulation to
evaluate this post-seismic process (e.g., Perfettini et al., 1999).

The “domino” effect induced by cascading aftershocks may be an
explanation. After the June 17 mainshock, the Coulomb failure stress
also increases considerably on a large part of the June 21modeled fault
(Fig. 13c). Most of the increase comes from a magnitude 5 aftershock
that occurred some 130 s after the June 17 mainshock at 15:42:50 UTC
(Fig. 13d) midway between the twomainshock faults (Vogfjörd, 2003;
Hjaltadóttir et al., 2005). Even if the mechanical process driving the
“domino” effect is not yet clear, this result highlights the importance
of accounting for the large (MN3) aftershocks.

Finally, more than one process may be driving the triggering. For
instance, one could imagine that the previous inter-seismic motion
accumulated stress in the western part of the SISZ. Then some time-
dependent afterslip and/or poro-elastic relaxation processes, which can
have relaxation times of the order of a day, would induce cascading
aftershocks in the preferred direction after the June 17 event. Ultimately,
the combined effects of all these processes could have triggered the June
21 event. However, further numerical experiments in time-dependent
three-dimensionalmodeling are required in order to test this hypothesis.

7. Conclusions and perspectives

We have analyzed the sensitivity of three quantities (co-seismic
slip distribution, viscosity estimates, and stress change fields) to the
structural heterogeneities which vary in space within the SISZ and
evolve with time during the earthquake cycle for the sequence of
earthquakes that occurred in June 2000. We have reached the fol-
lowing conclusions:

1) Structural heterogeneities play an important role. In inversions of
measurements of co-seismic deformation, the slip distributions
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are significantly deeper in realistic three-dimensional geometric
configurations of the elastic model than in the conventional uni-
form half-space. The slip diminishes to negligible values of less
than 50 cm below 12 km depth, supporting the notion that
large earthquakes in the SISZ can rupture into the lower crust
(Stefánsson et al., 1993). In the shallowest 2 km of the fault
corresponding to a sedimentary layer, we find higher slip in the
horizontally-layered configuration than in simpler configurations.
This result highlights the need to account for a sedimentary layer
and, as a next step, including the en échelon features of the fault
trace geometry within it. A first attempt to include a weak fault
damage zone leads to major changes in the resulting slip dis-
tribution, reducing the modeled seismic moment. Whereas the
eastward thickening of the crust does not alter the previous results
pertaining to the co-seismic analysis, it does modify the inter-
seismic deformation and viscous relaxation. The results are
important for assessing seismic hazard because realistic, hetero-
geneous configurations tend to show smaller stress changes in the
uppermost part of the crust with asymmetrical distributions than
do homogeneous, half-space configurations.

2) Aftershock seismicity plays an important role. Events with a
magnitude MN3 can have significant effects on Coulomb failure
stress changes as well as on surface deformation. Accordingly, they
should be considered in interpreting GPS and InSAR measure-
ments, especially in post-seismic studies.

3) Realistic lithospheric models are required to explain the migration
of seismicity across the SISZ. In particular, we suggest that
accumulating inter-seismic strain in a simple elastic model with
a configuration that includes an eastward-thickening crust can
produce asymmetric perturbations in the stress field. The dif-
ferences in the stress changes between a horizontal layering
configuration and a variable crustal thickening configuration can
raise the level of Coulomb failure stress to higher values in the
western part than in the eastern part. This effect, combined with
the co-seismic stress changes, might explain the tendency of
seismicity to migrate from east to west across the SISZ during a
single sequence of earthquakes. However, it would be necessary to
improve this inter-seismic model in order to make stronger
conclusions. Indeed, it is essential to include additional complexity,
for example, a layered crust with variable thickness, a complete
seismic cycle based on historical earthquake sequences, visco-
plastic rheologies, or inter-seismic motion in the transform zones.

4) Static models cannot explain time-dependent behavior. For
example, explaining the 4-day delay between the June 17 and
June 21 mainshocks with a model with an ad hoc delay between
aftershocks seems to be begging the question. Indeed, it is logically
inconsistent to explain a time delay with a model that does not
itself depend on time. In other words, the post-seismic processes
operate on (at least) three different time scales: 4 days (between
the June 17 to 21 earthquakes), 35 days (the 35-day and 70-day
interferograms are quite similar), and ~1 year (aftershock decay).
To be valid, a correct model will have to explain all these ob-
servations (e.g., Scholz, 2002; Brodsky and Prejean, 2005). We
imagine a scenario that couples several processes. Prior to the June
17mainshock, inter-seismic strain accumulation increases stress in
the western part of the SISZ. Then some combination of time-
dependent afterslip (Perfettini and Avouac, 2004), cascading
aftershocks, and time-dependent poro-elastic relaxation (Master-
lark, 2003), would further modify the stress field after the June 17
event. The effective time scale of these processes must be short,
between ~102 s (to explain the magnitude 5 aftershocks) and
~105 s (to explain the 4-day delay until the June 21 event). Over
time scales of months to years, the stress level must diminish to
satisfy Omori's law of aftershock decay. Over still longer time scales
of years to centuries, slower processes such as visco-elastic or
plastic relaxation will come into play (Felzer and Brodsky, 2006).
To conclude, every study of the seismic cycle and seismic hazard
estimation should include rheologic and geometric heterogeneities
of the lithosphere in order to achieve accurate results. To improve
the results, one should also consider multi-process models which
explicitly allow stress and strain to vary with time (e.g., Freed et al.,
2006).

Note added in proof:

On May 29, 2008, another earthquake occurred in the SISZ.
According to the U.S. Geological Survey, the magnitude isMw=6.2 and
the centroid is located at N64.037, W21.092, on the west edge of the
SISZ.
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